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ABSTRACT: This study examines the temporal evolution of the extratropically forced tropical response in an idealized

aquaplanet model under equinox condition. We apply a surface thermal forcing in the northern extratropics that oscillates

periodically in time. It is shown that tropical precipitation is unaltered by sufficiently high-frequency extratropical forcing.

This sensitivity to the extratropical forcing periodicity arises from the critical time required for sea surface temperature

(SST) adjustment. Low-frequency extratropical forcing grants sufficient time for atmospheric transient eddies to diffuse

moist static energy to perturb themidlatitude SSTs outside the forcing region, as demonstrated by a one-dimensional energy

balance model with a fixed diffusivity. As the transient eddies weaken in the subtropics, a further equatorward advection is

accomplished by the Hadley circulation. The essential role of Hadley cell advection in connecting the subtropical signal to

the equatorial region is supported by an idealized thermodynamical-advective model. Associated with the SST changes in

the tropics is a meridional shift of the intertropical convergence zone. Since the time needed for SST adjustment increases

with increasing mixed layer depth, the critical forcing period at which the extratropical forcing can affect the tropics scales

linearly with the mixed layer depth. Our results highlight the important role of decadal-and-longer extratropical climate

variability in shaping the tropical climate system. We also raise the possibility that the transient behavior of a tropical

response forced by extratropical variability may be strongly dependent on cloud radiative effects.
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1. Introduction

It is well known that tropical climate variability impacts the

extratropical climate via atmospheric Rossby waves. For exam-

ple, impacts of El Niño–Southern Oscillation (ENSO) reach the

extratropical regions through atmospheric teleconnections, dem-

onstrated by both observational datasets and model experiments

(e.g., Bjerknes 1969; Horel and Wallace 1981; Hoskins and

Karoly 1981; Sardeshmukh and Hoskins 1988; Trenberth et al.

1998; Alexander et al. 2002; Timmermann et al. 2018). The

converse was recognized in Kraus (1977) that related subtrop-

ical droughts to extratropical temperature changes. However,

the impact of extratropical climate variability on the tropical

climate had not been widely appreciated until the mid-2000s,

potentially because of the existence of a critical latitude in the

subtropics that generally absorbs Rossby waves (e.g., Wallace

and Gutzler 1981; Schneider and Watterson 1984; Hoskins and

Ambrizzi 1993). Consequently, the dynamics of the intertropical

convergence zone (ITCZ), a zonal band of heavy precipitation

near the equator, had been commonly thought to be controlled

by local processes (Xie 2004) until paleoclimate records pointed

to the possibility of extratropical impacts on the tropics.

A number of paleoclimate records suggest a link between

Northern Hemisphere (NH) high-latitude climate change and

the ITCZ variability. Hydrological paleo-proxy reconstructions

from the eastern tropical Pacific (Koutavas and Lynch-Stieglitz

2004) and the western tropical Atlantic (Lea et al. 2003) indicate

that the ITCZ over both the Pacific and Atlantic basins was

displaced southward during the Last Glacial Maximum. The

hydrological cycle of the tropical Atlantic underwent rapid and

dramatic changes during warm interstadial and cold stadial times

of the last glacial period (Peterson et al. 2000). Oxygen isotope

records near Nanjing, China, suggest that East Asian monsoon

intensity changed synchronously with Greenland temperatures

on millennial time scales (Wang et al. 2001). Wet periods in

northeasternBrazil were found during cold periods inGreenland,

consistent with a southward ITCZ shift (Wang et al. 2004). The

covariance of paleoclimate records from two remote locations

in the NH high latitudes and the tropical regions motivated

climate modeling studies to investigate the mechanism for

extratropics-to-tropics teleconnection. For example, Chiang

and Bitz (2005) performed model experiments by abruptly im-

posing additional sea ice cover that corresponds to the Last

Glacial Maximum. The resultant NH-wide cooling was shown

to be associated with a southward ITCZ shift. More modeling

studies followed that aimed at revealing the ability of extra-

tropical thermal perturbations in shifting the ITCZ position. A

sustained addition of freshwater to the subpolar North Atlantic

in a model causes a slowdown of the Atlantic meridional over-

turning circulation (AMOC), resulting in a colder North Atlantic

and a southward ITCZ shift (Zhang and Delworth 2005;

Broccoli et al. 2006; Stouffer et al. 2006). Large-scale affores-

tation in the NH midlatitude warms the region by absorbingCorresponding author: Sarah M. Kang, skang@unist.ac.kr
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more solar energy, leading to a northward ITCZ shift (Swann

et al. 2012; Kang et al. 2015a). In the other hemisphere, a

Southern Ocean cooling induced by Antarctic meltwater shifts

the ITCZ to the north (Bronselaer et al. 2018). The equilibrium

climate response to different radiative forcing agents such as

black carbon and sulfate indicates that the ITCZ shifts toward

the hemisphere with more positive (or less negative) radiative

forcing in the annual mean (Yoshimori and Broccoli 2008).

Kang et al. (2008, 2009) investigated the mechanism for the

extratropics-originated teleconnections by examining how the

atmospheric energy budget and the associated zonal-mean

ITCZ responds to the interhemispheric asymmetry of net en-

ergy flux into the atmosphere. As an imbalance between the

hemispheric energy budget is introduced, the Hadley circula-

tion adjusts to transport the energy surplus toward the cooler

hemisphere via its upper branch, thus resulting in increased

low-level moisture transport and a corresponding ITCZ shift

into the warmer hemisphere. This energetic framework sug-

gests that the magnitude of a meridional ITCZ shift is pro-

portional to the cross-equatorial atmospheric energy transport

(Broccoli et al. 2006; Kang et al. 2008), with the proportionality

determined by the net energy input to the tropical atmospheric

column (Bischoff and Schneider 2014). The framework has

limitations as it discounts changes in gross moist stability (Seo

et al. 2017; Wei and Bordoni 2018; Hill 2019), variations in the

vertical profile of tropical ascent (Biasutti and Voigt 2020),

transient eddies (Xiang et al. 2018), ocean dynamics (Kay et al.

2016; Hawcroft et al. 2017), and regional (nonzonal mean)

features (Roberts et al. 2017). Nevertheless, the framework has

provided significant insight into variations in the zonal-mean

ITCZ location (Donohoe and Voigt 2017; Kang et al. 2018a;

Kang 2020). For example, the energetic framework provides a

simple explanation for how the ITCZ responds to a wide va-

riety of perturbations ranging from paleoclimatic forcing

(Donohoe et al. 2013) to orbital insolation variations (Bischoff

et al. 2017) to global warming (Frierson and Hwang 2012) to

remote extratropical forcing agents (Kang 2020) as well as for

the fundamental question as to why the mean ITCZ is located

in the NH (Frierson et al. 2013; Donohoe et al. 2013; Marshall

et al. 2014; Kang et al. 2015b).

While most modeling studies examine the equilibrium trop-

ical response to a time-invariant extratropical forcing, which

is nicely explained by the energetic framework, some studies

have evaluated the transient features of extratropics-to-tropics

teleconnection. An abrupt addition of the NH high-latitude sea

ice cover is shown to induce a pronounced southward ITCZ

shift after 12–15 months in an atmospheric model coupled

with a 50-m mixed layer slab ocean (Chiang and Bitz 2005;

Mahajan et al. 2011). When coupled with a 2.4-m mixed layer

slab ocean, an extratropical thermal forcing perturbs the

equatorial region within 2–4 months (Kang et al. 2014). The

response time scale of the ITCZ shift to an extratropical ther-

mal forcing has been extensively examined in an aquaplanet

global climate model coupled to a slab ocean (Woelfle et al.

2015). It was found that the time scale is linearly proportional to

the mixed layer depth: from 1.6 months for a 2.4-m mixed layer

to 16.8 months for a 50-m mixed layer. This linearity implies an

importance of the SST response in the extratropics-to-tropics

teleconnection, consistent with previous studies showing that

the extratropical impact on the ITCZ is mediated by SST

changes (Cvijanovic and Chiang 2013; Singh et al. 2017; Voigt

et al. 2017).

Despite the flurry of evidence of extratropics-to-tropics tele-

connection from paleoclimate proxies and model experiments,

we still lack observational evidence from modern records, par-

ticularly on time scales shorter than decadal. In one of few

observational studies, Green et al. (2017) found a connection

between extratropical SST variability and variations in the ITCZ

position onmultidecadal time scales but not on interannual time

scales. In fact, one might think that the extratropics-to-tropics

teleconnection on short (i.e., seasonal and interannual) time

scales has been already demonstrated by Donohoe et al. (2013,

2014), who showed a robust relationship between the ITCZ

position and the hemispheric contrast in net energy input (NEI)

across a wide range of time scales in both observations and cli-

mate models. However, this robust relationship does not nec-

essarily indicate the extratropically forced teleconnection unless

the interhemispheric NEI contrast largely originates from the

extratropics.

One obvious reason for limited observational evidence at

decadal-and-shorter time scales is a large internal variability,

but we believe there to be more physical grounds. It may be

difficult to take an observational approach to identify the

extratropics-to-tropics teleconnection partly due to the com-

pensating effect from ocean dynamics.When the atmosphere is

coupled with a dynamic ocean rather than a slab ocean, extra-

tropical radiative perturbations become less efficient at inducing

changes in the tropical rainfall because ocean dynamics reduce

the load of the atmospheric energy transport (Deser et al. 2015;

Kay et al. 2016). The extratropical impact on the tropics may

have been overemphasized considering that earlier modeling

studies assumed a passive ocean. How ocean dynamics modu-

lates the extratropics-to-tropics teleconnection is an active area

of current research (e.g., Green and Marshall 2017; Schneider

2017; Hawcroft et al. 2017; Kang et al. 2018a,b;White et al. 2018;

Green et al. 2019; Yu and Pritchard 2019; Stuecker et al. 2020;

Kang 2020) and is the focus of theExtratropical–TropicalModel

Intercomparison Project (Kang et al. 2019, 2020).

Another reason would be associated with the time scale of

extratropics-to-tropics teleconnection. The time scale for steady

extratropical forcing to induce a prominent ITCZ shift is re-

ported to be about 1.5 years in an atmospheric model coupled

with a 50-m mixed layer slab ocean (Chiang and Bitz 2005;

Mahajan et al. 2011; Woelfle et al. 2015). However, extra-

tropical climate variability in the real world occurs at a wide

range of time scales from annual (e.g., sea ice melt) to multi-

decadal (e.g., AMOCmodulation). The time scale for transient

extratropical forcings to affect the tropics might be longer

than that for steady forcings. For instance, a Q flux–forced

Atlantic multidecadal variability (AMV) in a climate model

induces an ITCZ shift with a 4-yr lag while the (unforced) in-

ternally generated AMV induces an ITCZ shift with a 24-yr lag

(Moreno-Chamarro et al. 2020). Furthermore, open-ocean

convection in the Weddell Sea that occurs approximately ev-

ery 75 years in a climate model simulation induces a cross-

equatorial atmospheric energy transport response with a 12-yr
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lag (Cabré et al. 2017). Thus, the long time scale for transient

extratropical climate variability to perturb the tropics could

hamper the observational identification of extratropics-to-

tropics teleconnection. The question then naturally arises as

to what determines the time scale for extratropics-to-tropics

teleconnection. In this study, we explore the temporal evolu-

tion of the tropical climate response to periodically time-

varying extratropical forcing at various frequencies. Despite

the importance of ocean dynamics, it is often difficult to un-

derstand the coupledmechanism due to disentangled processes

of each component in the system. We hence employ a passive

ocean model, which allows us to focus on the fundamental at-

mospheric dynamics.

The manuscript is organized as follows. In section 2, we

outline the model description and experimental configurations.

In section 3, we invoke the energetic framework to understand

the transient evolution, which suggests an important role of SST

anomaly propagation for the extratropics-to-tropics telecon-

nection. We further examine the sequential mechanism by

which an extratropical thermal forcing perturbs the tropics in

section 4. An energy balance model suggests that diffusive

eddies are in charge of an equatorward SST propagation in the

midlatitudes. As the eddy activities weaken in the subtropics,

the Hadley circulation takes over to advect moist static energy

into the deep tropics, as demonstrated by an idealized

thermodynamical-advective model. Then we additionally ex-

plore the role of cloud radiative effects in modulating the

extratropically forced teleconnection pattern in section 5. We

finally offer conclusions in section 6.

2. Model and experimental configuration

The model employed in this study is an atmospheric general

circulation model AM2.0 developed at the Geophysical Fluid

Dynamics Laboratory (GFDL) (Anderson et al. 2004), which

participated in both phases 3 and 5 of the Coupled Model

Intercomparison Project (CMIP3 and CMIP5). The model

resolution is 28 latitude3 2.58 longitude with 24 vertical levels.

The model is run under a perpetual equinox condition; that is,

the seasonal variation is absent. AM2.0 is coupled to an aqua-

planet slab ocean so that the SST (denoted as Ts) is interactively

computed based on the surface energy budget:

C
o

›T
s

›t
5 SFC1Q . (1)

The specified heat capacity of oceanic mixed layer Co is a

product of seawater density, seawater specific heat, and the

mixed layer depth. For a set of standard experiments, we

specify Co as 2 3 108 JK21m22, approximately corresponding

to a 50-m mixed layer depth ho. We examine the sensitivity to

the ocean heat capacity in section 3. SFC is the net downward

surface energy flux, and Q is the imposed surface heat flux

forcing. Note that the SSTs are allowed to drop below the

freezing temperature without forming any sea ice.

The form of imposed surface heat flux (called ‘‘Q flux’’) is

zonally symmetric with a periodically oscillating amplitude

in time:

Q(t,u)5
h
o
A

T
sin

�
2p

T
t

�
H(u2u

0
) . (2)

Here, H(x) is the Heaviside function, with H(x) 5 1 for x $ 0

andH(x)5 0 for x, 0, and the equatorward edge of theQ flux

forcing u0 5 408N. Hence, poleward of u0 5 408N, the Q flux

amplitude is a sinusoidal function of time, with a periodT and a

maximum amplitude hoA/T. For a standard set of experiments

with ho5 50m, we set the parameterA5 1Wyrm23 and alter

T between 1, 3, 5, and 10 years. The perturbation experiments

are labeled based on the specified forcing period. For example,

E1 refers to the experiment with T 5 1 year. The imposed Q

flux forcing is displayed in Fig. 1a. We set theQ flux amplitude

as a function of both T and ho in Eq. (2) in order to constrain

the amplitude of SST fluctuation to be independent of those

two factors. Consequently, the SST anomalies over the forcing

region fluctuate within a similar range regardless of T (Fig. 1b).

However, precisely speaking, the local SST response slightly

decreases with the forcing period as discussed in section 3. The

reference experiment is run with no surface heat flux pertur-

bation (A 5 0), which is integrated for 120 years including a

30-yr spinup period.

We also conduct a modified experiment to investigate how

the cloud radiative effects (CRE) modulate the equatorward

propagation of the extratropical thermal forcing. In particular,

the E10 experiment is repeated with the cloud properties

(cloud water mixing ratio, cloud ice mixing ratio, and cloud

fractional area) prescribed to an arbitrarily selected 1-yr time

series from the reference experiment at every 3 h in the radi-

ative scheme (e.g., Kim et al. 2018). The E10 experiment with

the suppressed CRE is labeled E10_CEF (for ‘‘cloud ef-

fect fixed’’).

We integrate all perturbation experiments for 150 years. In

AM2.0 aquaplanet simulations, the temperature response to

prescribed surface cooling is larger than that to prescribed

surface warming due to nonlinear cloud radiative effects (e.g.,

Seo et al. 2014; Shaw et al. 2015; Shin et al. 2017). As a result,

even though the periodicQ flux neither adds nor subtracts any

energy from the global system in the time mean, the global

mean SST slightly decreases by 0.4K during the initial ad-

justment period for about 30 years (gray in Fig. 1b). Therefore,

the first 30 years are discarded as a spinup period in all ex-

periments. The composite of the climate response is com-

puted as the average response for n5 120, 40, 24, and 12 cycles

in E1, E3, E5, and E10, respectively. Table 1 summarizes all

experiments.

3. The ITCZ response to periodic extratropical forcing

Wefirst examine SST and precipitation response to the time-

varying forcing. To isolate the Q flux–forced response, a

Lanczos low-pass filter with one-quarter of T cutoff period is

applied before calculating the composite across the respective

forcing cycle. Figure 2 compares the SST and precipitation

response composite for the experiments with a varying period.

Although the magnitude of SST fluctuations is broadly similar

in the extratropics (Figs. 1b and 2), the tropical precipitation

response exhibits a strong sensitivity to the forcing period T.
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The E3, E5, and E10 experiments show the SST response with

an equatorward propagation and the tropical precipitation

response with a clear periodicity, whereas the E1 experiment

shows the SST response confined to the extratropics and a

muted tropical precipitation response. In our model configura-

tion, the extratropics-to-tropics teleconnection is evident only

when the extratropical forcing period is equal to or longer than

3 years (Fig. 2). This implies that high-frequency variabilities in

FIG. 1. Time series of (a) the imposedQ flux and (b) the SST averaged over the forcing region

(poleward of 408N) for the E1 (red), E3 (orange), E5 (green), and E10 (blue) experiments.

Gray shading indicates the initial adjustment period.

TABLE 1. Overview of all experiments. The amplitude parameterA determines the total amount of anomalous energy imposed in the slab

ocean during half of forcing period T.

Experiment Parameter A (W yr m23) Period T (yr) Mixed layer depth ho (m) Feedback

E1 1 1 50 Interactive

E3 3

E5 5

E10 10

E6mo_40m 1/2 40

E1_40m 1

E3_40m 3

E6mo_30m 1/2 30

E1_30m 1

E3_30m 3

E6mo_20m 1/2 20

E1_20m 1

E3_20m 3

E1_10m_5A 5 1 10

E1_10m_1p5A 1.5

E1_10m_0p5A 0.5

E1_10m 1

E1mo_10m 1/12

E1_5m 1 5

E1mo_5m 1/12

E1_2p5m 1 2.5

E0p5mo_2p5m 1/24

E10_WEF 10 50 WES suppressed

E10_CEF 25 CRE suppressed

E10_CEF_25m 10

E10_CEF_10m
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the extratropics, such as the seasonal variation of high-latitude

ice cover, would hardly affect the tropical climate, whereas low-

frequency variabilities in the extratropics, such as the Atlantic

multidecadal variability, would be more likely to perturb the

tropical climate. Figure 3 summarizes the response time scale teq,

calculated as the lag time at which the correlation coefficient is

maximized between the SST anomaly at the Q flux edge (u0 5
408N) and that at the equator. The response time scale teq is 1.33,

1.52, and 1.58 years in E3, E5, and E10, respectively (green-blue

circles for ho 5 50m in Fig. 3), generally consistent with Woelfle

et al. (2015; see their Fig. 3b). This time scale is much longer than

that for teleconnections originating from the tropics, which

amounts to approximately two weeks (e.g., Li et al. 2014). This

long time scale would make it difficult to observe the atmo-

spheric teleconnection originating from the extratropics.

Then, what causes the sensitivity to the extratropical forcing

period? We seek to find the answer by diagnosing the atmo-

spheric energy budget:

R
TOA

2SFC5
›

›t
hc

p
T1L

y
qi1= � F

A
, (3)

which states that the net energy input, the difference between

the net downward top-of-atmosphere (TOA) radiation RTOA

and the net downward surface energy flux SFC, equals the sumof

the time tendency of atmospheric column energy (with the angle

brackets denoting the vertical integral, Ly the heat of vapor-

ization, and cp the specific heat of dry air) and the divergence of

atmospheric energy transport FA. We neglect the atmospheric

column energy tendency as it is small compared to other com-

ponents (not shown). To express Eq. (3) in a flux form, we sub-

tract the global average, integrate around the latitude circle, and

integrate over the latitude from the South Pole:

= � (F
A
1F

R
1F

S
)5 0, (4)

where

F
R
(f)[2a2

ðf
2p/2

ð2p
0

(R
TOA

2R
TOA
* ) cosfdldf , (5)

F
S
(f)[ a2

ðf
2p/2

ð2p
0

(SFC2 SFC*) cosfdldf , (6)

with asterisks denoting the global average; Earth’s radius is a,

latitude f, and longitude l. We remove the global mean to

ensure that the fluxes vanish at both poles. Note that the

negative sign of RTOA is used because a convergence of FR

corresponds to radiative heating and a divergence of FR cor-

responds to radiative cooling. Figure 4 compares these energy

FIG. 2. Composite across the forcing cycle of zonally averaged

response of SST (shading; K), precipitation (green/brown contour;

interval 5 1mm day21), and meridional eddy heat flux at 900 hPa

(northward in black solid and southward in black dashed; interval 5
0.3 Km s21) for the (a) E1, (b) E3, (c) E5, and (d) E10 experi-

ments. The equatorial edge of the forcing region (u0 5 408N) is

indicated by a cyan line. Hatched regions denote statistically in-

significant values at the 95% confidence level based on a two-sided

Student’s t test.

FIG. 3. The response time scale teq as a function of mixed layer

depth ho in a model with interactive radiative feedbacks. The gray

line indicates the lag time of maximum correlation coefficient be-

tween the SST anomaly at the Q flux edge and at the Hadley cir-

culation terminus (tHC), averaged over all available experiments

with the same ho, with 61 standard deviation in shading. The

critical forcing period Tcrit can be estimated as 2 3 tHC. Colors

demarcate the forcing period T as indicated in the legend. For the

experiments with no extratropically forced teleconnection, a half of

the forcing period T is indicated by cross symbols. For the exper-

iments with the forcing amplitude different from A, the forcing

amplitude is indicated by the text next to the symbols.
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flux responses at the equator and the ITCZ location defined as

the latitude centroid of zonal-mean precipitation between 108S
and 108N. The ITCZ location in E1 is indistinguishable from

the internal variability estimated from the reference experi-

ment, while the ITCZ position in other experiments with T$ 3

years (E3, E5, and E10) undergoes a clear quasi-sinusoidal

temporal evolution. For T $ 3 years (Figs. 4b–d), the ITCZ

location response (green) is completely out of phase with the

atmospheric energy flux response dFA at the equator (red).

(The d notation denotes the difference between the perturbed

and climatology.) This ensures the usefulness of the energetic

framework in understanding the temporal evolution of the

tropical precipitation response.

In all standard experiments (Fig. 4), the TOA radiation re-

sponse dFR (black) is too small to make a discernible impact on

dFA as a result of the cancellation between the cloud dFCLD

(black dashed) and clear-sky dFCLR (black dash-dotted) com-

ponents. Hence, the energetic framework indicates that the

equatorial dFA, which is closely linked to the ITCZ response, is

balanced by the equatorial dFS. The E3, E5, and E10 with a

clear ITCZ response exhibit a periodically oscillating surface

flux response dFS at the equator (blue in Figs. 4b–d), whereas

the E1 with negligible ITCZ response exhibits a statistically

insignificant equatorial dFS (Fig. 4a). The covariance between

dFA and dFS exists globally as displayed in the left and right

panels of Fig. 5, respectively. In all experiments, dFS exhibits a

clear oscillatory evolution in the vicinity of u0 (5 408N, cyan in

Fig. 5): however, the dFS oscillation is confined to the forcing

region in E1 (Fig. 5b) while it propagates into the tropics in E3,

E5, and E10 (Figs. 5d,f,h). The FS response outside the forcing

region corresponds to the ocean heat storage response for a

slab ocean, which is directly related to the SST tendency based

on Eq. (1). That is, the equatorward propagation pattern of dFS

is a manifestation of the SST response. Although the magni-

tude of SST response is largely similar within the forcing region

(Fig. 1b), the SST response outside the forcing region shows a

stark dependency on the forcing period: the larger the forc-

ing period, the stronger the SST response outside the forcing

region (Fig. 2). In fact, lower-frequency forcing exhibits a

slightly weaker local SST response, as noted in section 2, as a

FIG. 4. Composite across the forcing cycle of the meridional ITCZ displacement (green; 8
latitude) and the anomalous energy fluxes at the equator corresponding to change in TOA

radiation (black; for clear sky in dash-dotted and for cloudy sky in dashed), atmosphere (red),

and net surface flux (blue) for the (a) E1, (b) E3, (c) E5, and (d) E10 experiments. The terms are

defined in the legend and discussed in the text in reference to Eqs. (4)–(6). Thick line denotes

statistically significant values at the 95% confidence level relative to the internal variability

based on a two-sided Student’s t test.
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consequence of the extratropical signals spreading out to lower

latitudes. The SST response is confined to the vicinity of u0 in

E1 (Fig. 2a), consistent with little equatorward propagation of

FS response (Fig. 5b). In contrast, for T $ 3 years, the SST

response clearly propagates equatorward (Figs. 2b–d), and so

does the FS response (Figs. 5d,f,h). Our results suggest that

extratropical energy perturbations can alter the tropical pre-

cipitation only when accompanied by an equatorward propa-

gation of the SST response. Therefore, tropical precipitation

can be expected to hardly respond if tropical SSTs are

prescribed, a limiting case where the extratropical signal can be

thought of as completely damped before it propagates into the

tropics (Cvijanovic and Chiang 2013; Voigt et al. 2017).

The importance of an equatorward propagation of SST

anomalies on the extratropics-to-tropics teleconnection is

further demonstrated by additional experiments with shal-

lower mixed layer depth ho (i.e., smaller heat capacity of slab

ocean Co). We repeat the E1 experiment with a reduced Co

by a factor of 5, corresponding to the 10-mmixed layer (labeled

E1_10m). As the maximum amplitude [hoA/T from Eq. (2)] is

also reduced by a factor of 5, the extratropical SST anomalies

in E1_10m are of comparable magnitude to those in E1

(Figs. 2a and 6b). Nevertheless, the climate response equa-

torward of the forcing region is distinct between the two ex-

periments. While the T 5 1 yr forcing is ineffective at shifting

the ITCZ in the standard setting with the 50-m mixed layer

(Fig. 2a), reducing the mixed layer depth to 10m enables the

same forcing to induce a clear equatorward progression of

SST anomalies and a periodic ITCZ shift (Fig. 6b). We further

examine the sensitivity to the magnitude of extratropical

SST anomalies by varying the parameter A from the E1_10m

experiment: A 5 0.5 in E1_10m_0p5A and A 5 5 in E1_10m_

5A. (Note that A 5 1 in E1_10m.) As the extratropical

SST response is amplified approximately by a factor of 5 in

E1_10m_5A compared to E1_10m (contrast Figs. 6a and 6b),

there certainly is an equatorward propagation of stronger

SST anomalies and a larger meridional ITCZ shift but the re-

sponse time scale teq stays nearly the same (yellow circles for

FIG. 5. Composite across the forcing cycle of zonally averaged (left) dFA and (right) dFS for the (a),(b) E1, (c),(d)

E3, (e),(f) E5, and (g),(h) E10 experiments (units are PW). The equatorial edge of the forcing region (u05 408N) is

indicated by a cyan line. Hatched regions denote statistically insignificant values at the 95% confidence level based

on a two-sided Student’s t test.
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ho 5 10m in Fig. 3). Conversely, as the extratropical SST

anomalies are halved in E1_10m_0p5A compared to E1

(contrast Figs. 6b and 6c), the tropical SST and precipitation

responses become weaker but the teleconnection clearly

emerges with a similar response time scale teq (Fig. 3).

Regardless of the forcing amplitude, the response time scale

teq in the 10-m mixed layer simulation is about 4 months

(Figs. 6a–c), which amounts to one-fifth of teq in the standard

50-m mixed layer simulations (Fig. 3). Additional experiments

with a varying mixed layer depth indicate that teq 5 2.66, 2.67,

3.86, 6.83, 9.75, 12.1, and 17.72months for ho5 2.5, 5, 10, 20, 30,

40, and 50m, respectively. Consistent with Woelfle et al.

(2015), the response time scale teq scales linearly with the slab

ocean heat capacity but is nearly invariant to the forcing am-

plitude. For a shallower mixed layer depth, the response time

scale shortens, allowing for a higher-frequency extratropical

forcing to extend the SST anomalies to the tropics and displace

the ITCZ location. Thus, the extratropical forcing withT5 1 yr

does not induce any tropical response for ho 5 50m (yellow

cross) while the same forcing is able to perturb the tropics for

ho # 40m (yellow circles in Fig. 3).

4. Propagation mechanism

Previous sections indicate that a periodic extratropical

forcing can induce a meridional ITCZ shift only with the SST

propagation into the deep tropics. Next, we set out to under-

stand the sequential processes of equatorward SST propaga-

tion. Although the energetic framework is proven useful for

interpreting the ITCZ response to radiative perturbations, it is

diagnostic rather than prognostic, providing little information

about the propagation mechanism. Chiang and Bitz (2005)

proposed the wind–evaporation–SST (WES) feedback as the

dominant mechanism for the equatorward propagation of the

high-latitude signal. However, suppressing the WES feedback

had little impact on the tropical response to extratropical

forcing in different climate models (Mahajan et al. 2011; Kang

and Held 2012; Kang et al. 2014). Other studies hinted at the

possible roles of transient eddies in the extratropics and the

Hadley circulation in the tropics based on their relative im-

portance in transporting the moist static energy at different

latitudinal regimes (e.g., Broccoli et al. 2006; Kang et al. 2009).

However, in an experiment where energy flux perturbations

are abruptly introduced, it is often difficult to disentangle the

sequential order of multiple dynamical processes at work

without a large number of ensemble members. In contrast, our

experiment setup with periodical forcing allows us to objec-

tively differentiate the sequential order of different physical

processes based on the phase lag between the extratropical

forcing and the response of any variable of interest.

The SSTs outside the forcing region are only a function of net

surface energy flux determined by the local air–sea interaction

in a slab ocean model; thus, we first examine how the atmo-

spheric moist static energy (MSE) propagates away from the

forcing region. Figure 7a shows the lag time at which the cor-

relation coefficient is maximized between the zonal-mean tro-

posphericMSE anomalies and theQ flux forcing in the standard

experiment with T 5 10 yr (E10). This time lag distribution in

latitude and pressure illustrates the zonal-mean MSE propaga-

tion pattern as a smaller time lag indicates that the MSE re-

sponse is established faster at a given location. The impact of

extratropical forcing propagates upward and equatorward si-

multaneously. On the equatorward side of the forcing edge

(408N), the fastest propagation takes place near the surface,

implying that the most preferential pathway for extratropical

perturbations to reach the tropics is through the lower tropo-

sphere. This propagation pattern is largely shared by other ex-

periments in which the extratropically forced teleconnection

emerges (Fig. 8). The rapid lower tropospheric propagation can

be further confirmed by aHovmöller diagramof the zonal-mean

MSE response at different vertical levels (Figs. 7b–d). TheMSE

response at 850 hPa propagates equatorward from the extra-

tropical forcing region (Fig. 7d) whereas at higher levels the

tropical response emerges earlier than the extratropical re-

sponse, indicative of a poleward propagation (Figs. 7b,c). That is,

the mid-to-upper tropospheric MSE in the subtropics responds

only after the near-surface propagation reaches the deep tropics.

FIG. 6. Composite across the forcing cycle of zonally averaged

response of SST (shading; K) and precipitation (green/brown

contour; interval 5 5mm day21 for E1_10m_5A and 1mm day21

for others) of (a) E1_10m_5A, (b) E1_10m, (c) E1_10m_0p5A, and

(d) E1mo_10m. The equatorial edge of the forcing region (u0 5
408N) is indicated by a cyan line. Hatched regions denote statisti-

cally insignificant values at the 95% confidence level based on a

two-sided Student’s t test.
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Since the near-surface propagation is the preferential path-

way for extratropics-to-tropics teleconnection, we examine the

lower atmospheric MSE propagation in more detail. Figure 9

shows the time lag of the composite zonal-meanMSE response

at 900 hPa, representing the phase line of lower tropospheric

MSE propagation. Based on the propagation speed, estimated

by the slope of the phase line, we identify three distinct regimes

for the extratropics-to-tropics teleconnection: the midlatitude

eddy regime, the subtropics transition regime, and the Hadley

cell regime.

a. Midlatitude eddy regime

We decompose the atmosphericMSE flux into the mean and

eddy components (see, e.g., Hill et al. 2015; Xiang et al. 2018).

FIG. 7. (a) The lag time for which the correlation coefficient is maximized between the tropospheric zonal-mean

MSE response and the Q flux forcing as a function of latitude and height (shading; unit is year) in E10. The time-

mean meridional streamfunction (clockwise circulation in solid and counterclockwise circulation in dashed; in-

terval5 0.53 1011 kg s21) and the equivalent potential temperature (red contour; interval5 10K from 270K) are

from the climatology. The purple arrow illustrates the propagation pattern of zonal-mean MSE anomalies. The

composite across the forcing cycle of the zonal mean MSE response at (b) 300, (c) 500, and (d) 850 hPa. The

equatorial edge of the forcing region (u0) is indicated by a cyan line.

FIG. 8. As in Fig. 7a, but for the (a) E1, (b) E1_10m, (c) E1_10m_5A, (d) E3, (e) E5, and (f) E10_CEF experiments.
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While the two components act in the opposite direction, the

meridional MSE flux in the midlatitude is dominated by the

eddy component in all experiments (Fig. 10a). Given the dif-

fusive nature of eddy fluxes, we use a one-dimensional energy

balance model (EBM) to predict the midlatitude response

(e.g., Sellers 1969; Budyko 1969). We present the solutions to

EBM governed by the following equations, in which the MSE

flux at any given latitude is proportional to the surface MSE

gradient (see, e.g., Hwang and Frierson 2010; Wagner and

Eisenman 2015):

C
o

›T
s

›t
5 S2L

clr
1L

cld
1Q2

p
s

g
D=2m

s
, (7)

where Co 5 23 108 JK21m22 is the specified heat capacity of

the 50-m oceanic mixed layer, Ts is the surface temperature, S

is the net incoming shortwave radiation at TOA, Lclr is the

clear-sky outgoing longwave radiation (OLR), Lcld is the

longwave CRE (OLR in clear sky minus OLR in all sky), Q is

the imposed time-varyingQ flux, and ps is the surface pressure

(1 3 105 Pa). The surface MSE is a function of surface tem-

perature ms 5 cpTs 1LyH qs* with the specific heat of dry air

cp 5 1004 JK21 kg21, the heat of vaporization Ly 5 2.5 3

106 J kg21, the surface relative humidityH (fixed as 76%), and

the saturation specific humidity qs*, calculated using Ts in the

Clausius–Clapeyron equation. The diffusion coefficient D 5
1.2 3 106m s21 is tuned to best fit the atmospheric energy flux

FA from the reference experiment. The clear-sky OLR is pa-

rameterized by the least squares regression of Ts at each lati-

tude from the reference experiment. Because Lclr andms are a

function of Ts and other terms are prescribed from the AM2.0

experiments, we can solve Eq. (7) for Ts.

Figure 11 compares the temporal evolution of the MSE flux

response dFA and the surface temperature response dTs in all

standard experiments and its prediction by the EBM. Even

with the same diffusivity in the reference and perturbed ex-

periments, both the magnitude and the phase of dFA between

308 and 408N are well predicted in the extratropics (Fig. 11a).

The EBM also captures the sensitivity of the magnitude of

extratropical SST variability to the forcing period (Fig. 11c).

That is, larger SST fluctuations are predicted for lower-

frequency forcing, albeit weaker in magnitude by about 20%.

The overall success of EBM indicates that the eddy diffusivity

is not changing but they are acting diffusively on an altered

MSE gradient. The agreement between AM2.0 and EBM im-

plies that an equatorward propagation within the extratropics

is primarily accomplished by the eddy energy transport. In

response to lower-frequency forcing, the eddies diffuse energy

in one direction for a longer period, allowing for a larger SST

response to develop (Fig. 11c).

Overlaid in Fig. 2 is the eddy heat transport response com-

posite at its peak level of 900 hPa. Anomalous eddy heat

transport is equatorward during the period of extratropical

warming, while it is poleward during the period of extratropical

cooling. The eddy heat transport response decreases with the

forcing period, by a factor of 3 from E1 to E10, associated with

smaller meridional gradients in SST anomalies. Despite the

weaker eddy heat transport response for lower-frequency ca-

ses, the SST response shows a clearer equatorward propagation

into the deep tropics. This is because the duration of the

anomalous eddy heat transport convergence with the same sign

(which corresponds to half of forcing period) increases, al-

lowing more time for the SSTs to adjust, as suggested by the

EBM. In other words, the forcing period is too short for SSTs to

adjust in a high-frequency E1 case, resulting in insignificant

SST responses outside the forcing region (Fig. 2a). As the SSTs

require less time to adjust for a shallowermixed layer, the same

high-frequency E1 forcing can induce significant SST responses

outside the forcing region when ho # 40m (Figs. 3 and 6). That

is, the reason for a clearer extratropics-to-tropics teleconnec-

tion for lower-frequency extratropical forcings is because a

sufficiently long time is given for SSTs outside the forcing region

to respond via transient eddy fluxes. The eddy heat transport

nevertheless cannot be the sole mechanism for the extratropics-

to-tropics teleconnection since the eddy heat flux response

is only evident in the midlatitudes and vanishes at around 208N
(Fig. 2). Consistently, the EBM fails to predict the MSE

flux response in the equatorial region (Fig. 11b). The EBM-

predicted dTs also highly deviates from the actual response at

low latitudes (Fig. 11c). In particular, the actual SST response

is essentiallymuted across the equator whereas the SST response

FIG. 9. Time lag at which the lag correlation between the

anomalous 900-hPa MSE at u0 and each latitude attains the max-

imum value in E3 (gray), E5 (dark gray), E10 (black), E10_CEF

(purple), E10_CEF_25m (blue), and E10_CEF_10m (sky-blue).

Dashed lines are the prediction by the idealized thermodynamic-

advective model.
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in the EBM is diffused into the Southern Hemisphere. This

mismatch arises because the EBM does not account for the

mean advection by the lower branch of the Hadley cell, as we

show next.

b. Hadley cell regime

We now need to invoke another dynamical process re-

sponsible for the extratropics-to-tropics teleconnection at

lower latitudes where eddy activity is weak. The propa-

gation pattern of MSE anomalies in Fig. 7a suggests that a

further equatorward propagation pathway resembles

the climatological Hadley circulation (Fig. 7a): once the

MSE response reaches the deep tropics through the lower

troposphere, it quickly gets into the upper troposphere,

followed by an extension into the subtropical upper tro-

posphere (Figs. 7b–d). Furthermore, the MSE flux FA re-

sponse in the tropics is dominated by the mean component

in our model (Fig. 10b). Thus, we hypothesize that the

extratropics-to-tropics teleconnection is controlled by

the climatological Hadley circulation that advects anom-

alous energy equatorward by the lower branch. Indeed,

the mean MSE flux response is dominated by the ther-

modynamic as opposed to the dynamic component in the

tropics (Fig. 12).

We adopt an idealized thermodynamical-advective model

(Takahashi 2006; Takahashi et al. 2007a,b) to demonstrate the

importance of mean meridional advection of MSE anomaly in

the lower troposphere for the equatorward propagation of

the SST response from the subtropics (i.e., the Hadley circu-

lation terminus). The simple model represents the coupled

lower atmosphere–upper ocean system. The atmospheric

mixed layer (AML) is coupled to an ocean mixed layer

(OML), interacting via sensible and latent heat fluxes (SHF

and LHF). The AML and OML are governed by the fol-

lowing equations, respectively:

y
›m

›y
5SHF1LHF1R1M, (8)

C
o

›T
s

›t
52SHF2LHF2R, (9)

where y is the AML meridional wind, R is the net radiative

damping,M is the damping through entrainment from the free

troposphere, and Ts is the OML temperature. The moist static

energy in theAML ism[ (Lyq1 cpT)raha, with the air density

ra5 1.1 kgm23 and the AML height ha5 1 km.We specify the

OML heat capacity to be Co 5 2 3 108 JK21m22 (as in our

comprehensive model AM2.0). Note that we ignore the time

tendency of m in Eq. (8) as the AML is assumed to be in a

quasi-equilibrium state associated with a small heat capacity.

Using bulk formulas and linearizing the equations with respect

to the saturation specific humidity about a reference temper-

ature, the anomalous SHF and LHF in response to Q flux can

be expressed as

dSHF5 r
a
fC
D
w

10
c
p
(dT

s
2 dT) and

dLHF5 r
a
fC
D
w

10
L

y

�
›q

s

›T
dT

s
2 dq

�
, (10)

with d denoting anomalous fields in response to the Q flux

forcing, fCD the drag coefficient, and w10 the wind speed at the

10-m reference height. Changes in wind speed are ignored.

Then, we express the sum of anomalous turbulent fluxes in

terms of the moist static energy anomaly:

dSHF1 dLHF5C
D
w

10
(dm

o
2 dm) , (11)

FIG. 10. Composite across the forcing cycle of the MSE flux response dFA (solid), and its decomposition into the

mean (dashed) and eddy (dotted) components averaged over (a) 308–408N and (b) 108S–108N for the E1 (light

gray), E3 (gray), E5 (dark gray), and E10 (black) experiments (units are PW).
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whereCD 5 fCD/ha and the equivalent heat content in theOML

dmo [ gdTs with g[ [Ly(›qs/›T)1 cp]raha.

Parameterizing both the radiative and entrainment damping

as Newtonian cooling, the equations for the moist static energy

anomaly resulting from the prescribed extratropical forcing (Q

flux) can be written as follows:

05C
D
w

10
(dm

o
2 dm)2 (a1b)dm2 y

›dm

›y
, (12)

›dm
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2gC

D
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10

C
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2 dm)2

ga

C
o

dm , (13)

where a and b are the radiative and entrainment damping

rates, respectively. Because the Q flux forcing is a sinusoidal

function, we seek solutions of the wavelike form:

dm5Aexp[i(ly2vt)] and dm
o
5Oexp[i(ly2vt)] . (14)

Substituting Eq. (14) into the perturbation Eqs. (12) and (13)

offers a dispersion relationship under the assumption of neg-

ligible radiative and entrainment damping rates (i.e., a, b’ 0):
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. (15)

One can now solve for the phase speed for large-scale waves

(l � 1) as shown:
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y, (16)

where Ca 5 cpraha is the AML heat capacity. Equation (16)

indicates that the phase speed c of anomalous MSE advection

only depends on the background climatology. For example, a

faster propagation is expected for a shallower ocean mixed

layer (i.e., smaller Co), a deeper atmospheric mixed layer (i.e.,

largerCa), stronger meanmeridional circulation (i.e., larger y),

and/or a warmer background climate (i.e., larger ›qs/›T). In

other words, the propagation speed is independent of forcing

characteristics, and consistently the E3, E5, and E10 experi-

ments exhibit a similar phase speed on the equatorward side of

the midlatitude eddy regime (cf. the slope of achromatic solid

lines equatorward of 208N in Fig. 9).

The CRE-locked model is expected to best match the

thermodynamical-advective model for which the radiative

damping is neglected. Thus, we use the theoretical model to

predict the propagation phase line for E10_CEF. As the CRE

is locked, the tropical response time scale teq is delayed by

10.4 months for the 50-mmixed layer simulation: teq5 1.6 yr in

FIG. 11. Composite across the forcing cycle of the MSE flux response dFA (PW) averaged over (a) 308–408N and

(b) 108S–108N, and (c) the latitudinal distribution of root-mean-square of dTS composite (K) for the E1 (light gray),

E3 (gray), E5 (dark gray), and E10 (black) experiments in the AM2.0 (solid) and EBM (dashed).
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E10 and teq 5 2.4 yr in E10_CEF (Fig. 9). We investigate how

the CRE impacts the propagation speed and pattern in

section 5. By taking (1/qs)(›qs/›T)’ 7%K21 and substituting

meridional wind and specific humidity averaged between 1000

and 850 hPa from E10_CEF into Eq. (16), we see that our

theoretical model closely reproduces the phase line in E10_

CEF (contrast purple solid and dashed lines in Fig. 9). We

repeat the CRE-locked experiments with mixed layer depths

of 25m (E10_CEF_25m; blue) and 10m (E10_CEF_10m; sky-

blue). The shallower the mixed layer, the faster the equator-

ward propagation, as discussed in section 3. Our theoretical

model quantitatively captures the sensitivity to the mixed layer

depth (cf. solid and dashed in Fig. 9). The E10_CEF experi-

ment shows the propagation speed of 1.518 month21 between

208N and the equator (corresponding to the phase lag of

13.2 months), which is accelerated to 2.278 month21 and 6.068
month21 (corresponding to the phase lag of 8.81 months and

3.30 months) as the mixed layer depth is reduced by a factor of

2 and 5 in E10_CEF_25m and E10_CEF_10m, respectively. In

sum, our thermodynamical-advective model (with no radiative

feedbacks) properly predicts the propagation speed and time

scale within the Hadley cell regime for CRE-locked experi-

ments and provides an explanation for the insensitivity of the

propagation speed to the forcing time scale. The results un-

derpin our hypothesis that nondispersive moist static energy

advection through the Hadley circulation return flow is the

essential mechanism for the equatorward propagation of the

lower tropospheric temperature anomalies from the subtropics

onward, which we refer to as the Hadley cell regime.

c. Subtropics transition regime

Between the Hadley cell and midlatitude eddy regimes ex-

hibits a less steep phase line (Fig. 9), indicative of a damped

propagation speed. This is because of theweakened eddy activities

away from the extratropics and the weak mean circulation near

the Hadley circulation terminus. That is, the propagation mech-

anism transitions from eddy-dominated to mean circulation-

dominated in the subtropics. The slow subtropical transition

regime could act as a rate-determining step for a sufficiently

shallow mixed layer simulation where the SSTs rapidly adjust.

Consistently, the subtropical transition is particularly evident in

the 10-m mixed layer simulation (E10_CEF_10m).

As the SSTs in the subtropical transition regime respond to

extratropical forcing, a further equatorward propagation will

be taken over by the climatological Hadley cell. This implies

that the ability of extratropical variability in inducing the ITCZ

shift is determined by whether the SST anomalies reach the

Hadley circulation terminus or not. Thus, for a cyclic extra-

tropical forcing to shift the ITCZ, the forcing period T needs to

be greater than the lag time of SST anomalies at the Hadley

circulation terminus. We estimate the critical forcing period

Tcrit at which the extratropical forcing can excite the ITCZ shift

as 2 3 tHC, where tHC indicates the lag time of maximum

correlation coefficient between the SST anomaly at the Q flux

edge (408N) and at the Hadley circulation terminus (268N in our

model); tHC as a function of themixed layer depth ho is shown in

Fig. 3. The extratropics-to-equator teleconnection emerges only

for extratropical forcing with a period larger than Tcrit, which

increases with ho. It is because tHC5 2.37 months for ho5 10m

that the extratropical forcing with T 5 1 year induces a clear

teleconnection regardless of the forcing amplitude, whereas the

tropical circulation and ITCZ position are hardly perturbed

when T 5 1 month (Figs. 3 and 6d). Similarly, the extratropical

forcing with a 1-yr period is able to perturb the tropics for ho #

40m (tHC # 5.50months) while the same forcing does not in-

duce any tropical responsewhenho5 50m (tHC5 8.50months).

5. Effect of radiative feedbacks on the extratropics-to-
tropics teleconnection

Radiative feedbacks are known to modulate the equilibrium

tropical response forced from the extratropics (e.g., Kang et al.

2008; Zhang et al. 2010; Seo et al. 2014; Shaw et al. 2015; White

et al. 2018). However, our experiments with a periodic extra-

tropical forcing show that the TOA radiative flux plays a limited

role inmodulating the degree of tropical response due to a strong

cancelation between the clear-sky component (FCLR; dash-

dotted) and the cloud radiative effect (FCLD; dashed) (Fig. 4).

In this section, we examine how radiative feedbacks communi-

cate the extratropical signal across the tropics in more detail.

The clear-sky radiation RCLR poleward and equatorward of

158N shows a distinct anomaly pattern (Fig. 13a). As the ex-

tratropics can sustain large anomalous temperatures, the SST

FIG. 12. Composite across the forcing cycle of the (a) mean MSE

flux response dFm5 dhm yi5 d(cmaxH) and the (b) thermodynamic

cmaxdH and (c) dynamic Hdcmax components between 258S and

258N in E10 (units are PW), where cmax is the maximumHadley cell

mass flux and H is gross moist stability (Feldl and Bordoni 2016).
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increase leads to the warmer emission temperature, enhancing

the clear-sky outgoing longwave radiation; the reverse applies

to the SST reduction. Hence the clear-sky radiative effect pole-

ward of 158N serves as a negative feedback. This negative Planck

feedback is weaker in the deep tropics where the temperature

response is highly muted due to the weak temperature gradient

criterion (Sobel et al. 2001). Instead, the deep tropical RCLR

response is determined by changes in water vapor (contour in

Fig. 13a): thus, the clear-sky outgoing longwave radiation de-

creases in response to warming and increases in response to

cooling, serving as a positive feedback (Clark et al. 2018).

The cloud radiative effect also shows a distinct response

pattern between outside and within the deep tropics (Fig. 13b).

The CRE response outside the deep tropics is tightly coupled

with the collocated SST anomalies, whereas the deep tropi-

cal response is a result of the ITCZ shift. When warm SST

anomalies progress to the tropics, the lower tropospheric sta-

bility (LTS; contour in Fig. 13b) decreases where LTS is de-

fined as the difference between the potential temperature u of

the lower free troposphere (700 hPa) and the surface, LTS 5
u700 2 u1000 (Klein and Hartmann 1993). A lower LTS is ac-

companied by a reduction of stratiform clouds, as confirmed in

both observations (Klein and Hartmann 1993) and climate

models (Shaw et al. 2015; Shin et al. 2017), resulting in a re-

duction of shortwave reflection. Hence, associated with warmer

SSTs is a positive CRE response outside the deep tropics

(Fig. 13b), which serves as a positive feedback on the SST re-

sponse and consequently accelerating the equatorward propa-

gation of SST anomalies. In contrast, the CRE response within

the deep tropics acts as a negative feedback on the ITCZ re-

sponse. As the ITCZ shifts toward the warmer hemisphere, both

low and high cloud amount increases on the warmer side of the

equator. Increased low cloud cover has a net cooling effect by

reflecting more incoming shortwave radiation, whereas in-

creased high cloud fraction has a net warming effect by reducing

the outgoing longwave radiation. In our model, the CRE re-

sponse in the deep tropics is dominated by the shortwave

component over the longwave component (Kang et al. 2014), so

that the deep tropical CRE acts as a negative feedback on the

ITCZ shift. The analysis of the temporal evolution of the CRE

response in E10 suggests that the CRE accelerates the equa-

torward progression of an extratropical signal while dampening

the ITCZ response.

The role of CRE in influencing the transient tropical re-

sponse is examined via a cloud locked E10_CEF experiment.

The CRE response in E10_CEF does not completely vanish

(Figs. 13d and 14b) because of ‘‘cloud masking’’ effects (Zhang

et al. 1994; Soden et al. 2004) but it is substantially damped,

allowing us to cleanly examine how the CRE modulates the

extratropics-to-tropics teleconnection. Comparison between

the standard E10 and cloud locked E10_CEF experiments

(Figs. 2 and 4 vs Fig. 14) indicates that the CRE suppression

decelerates the equatorward propagation of SST anomalies,

delaying the ITCZ response time scale teq by 10.4 months,

while doubling the ITCZ shift extent. In other words, the in-

teractive CRE accelerates the communication of extratropical

SST anomalies to the tropics and dampens the meridional

ITCZ displacement in our model.

6. Summary and conclusions

In this study, we examined the temporal evolution of the

tropical precipitation response to periodic extratropical ther-

mal perturbations in an aquaplanet GCM coupled to a slab

FIG. 13. Composite across the forcing cycle of zonally averaged response of (left) RCLR (shading; W m22) and

specific humidity at 10m (solid/dashed contour; interval5 0.1 g kg21) and (right) RCLD (shading; Wm22) and LTS

(solid/dashed contour; interval 5 0.1K) in the (top) E10 and (bottom) E10_CEF experiments.
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ocean in the absence of seasonal cycle and dynamic ocean ef-

fects. Despite broadly similar extratropical SST anomalies (by

design), we find that the ITCZ response is profoundly sensitive

to the time scale of extratropical forcing. In our model setting

with a 50-m mixed layer, the extratropical forcing with a 3-yr

and longer period induces an ITCZ response with a clear quasi-

sinusoidal temporal evolution, while the ITCZ is resilient to

a 1-yr period extratropical forcing. Our experiments reveal a

previously unrecognized sensitivity of tropical climate response

to the frequency of extratropical thermal forcing. This sug-

gests that the ability of extratropical forcing variabilities in

modulating the tropical precipitation distribution would de-

pend on the forcing time scale. For instance,Arctic sea ice cover

changes are clearly shown to shift the ITCZ in the equilibrium

(Chiang and Bitz 2005; Deser et al. 2015). However, the am-

plified seasonality of Arctic sea ice under global warming

(Haine and Martin 2017) would likely have no impact on the

tropical precipitation, given that the mixed layer depth is 70m

in the northern extratropics (e.g., de Boyer Montégut et al.

2004). By contrast, a multidecadal AMOC variability should

effectively induce a corresponding meridional ITCZ variability

(e.g., Delworth et al. 2017). Our results highlight the important

role of decadal-and-longer extratropical climate variability in

shaping the tropical climate.

Our experiment configuration with a cyclic perturbation al-

lows us to objectively identify the sequence of the atmospheric

pathway. The phase lag between the periodic extratropical

forcing and moist static energy indicates that the equator-

ward propagation occurs preferentially through the lower tro-

posphere and undergoes three distinct regimes. In the first

midlatitude regime, transient eddies play a dominant role in

transporting heat equatorward until the eddy activity dimin-

ishes, as confirmed by a diffusive one-dimensional energy bal-

ance model. The critical time needed for SSTs to adjust to the

eddy heat transport response creates the sensitivity of tropical

precipitation response to the time scale of extratropical forcing.

A high-frequency extratropical forcing grants insufficient time

for SSTs to adjust away from the forcing region, limiting the

equatorward propagation of SST anomalies, and hence the

ITCZ location is unperturbed. By contrast, a low-frequency

extratropical forcing allows the SST anomalies to extend into the

tropics, which then perturbs the tropical precipitation. As the

SSTs require more time to adjust for a deeper mixed layer,

the critical period at which extratropical forcing can excite an

equatorward teleconnection scales with the mixed layer depth

(Fig. 3). The central role of SST changes in the extratropics-to-

tropics teleconnection is consistent with recent studies that show

extratropical thermal perturbations can cause a meridional

ITCZ shift only after the development of anomalous SSTs in the

tropics (Voigt et al. 2017; Hwang et al. 2021).

In the second subtropical regime, a transition takes place

from the eddy-driven to mean circulation-dominated regime.

The third tropical regime is where the Hadley cell return flow

advects the anomalous heat from the subtropics to the deep

tropics. We devise a simple thermodynamical-advective model

to demonstrate the essential role of lower tropospheric moist

static energy advection in the Hadley cell regime. Neglecting

any radiative feedbacks, the theoretical model nicely predicts

the propagation speed in the tropics for the CRE-locked GCM

experiments with a varying mixed layer depth. We emphasize

that our Hadley cell advection mechanism differs from the

wind–evaporation–sea surface temperature (WES) feedback

(Xie and Philander 1994), which is often claimed to be an es-

sential mechanism for the equatorward propagation of sub-

tropical signals (Chiang and Bitz 2005). We do not expect the

WES feedback to be essential because our theoretical model

suggests that the propagation speed depends on the reference

climate state, such as the depth and temperature of the ocean

mixed layer, which is not related to the WES feedback in any

direct manner. This is confirmed by the E10 experiment with a

suppressed WES feedback (labeled E10_WEF), which ignores

wind speed variations in the bulk aerodynamic formulation of

surface turbulent fluxes (Mahajan et al. 2011; Kang and Held

2012; Kang et al. 2014). If the WES feedback were to be a key

propagationmechanism, theWES feedback suppression would

increase the time lag and/or reduce the amplitude of the

FIG. 14. (a) As in Fig. 2 and (b) as in Fig. 4, but for the E10_CEF experiment.
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tropical response. However, the transient behavior of climate

response to the periodic extratropical forcing depends little on the

WES feedback (Fig. 15), suggesting that theWES feedback is not

essential in the equatorward propagation of extratropical signals.

We also show that the transient response to extratropical

climate variability depends on cloud radiative responses. The

cloud radiative effects are known to affect the equilibrium

tropical response to extratropical forcing (Kang et al. 2008;

Zhang et al. 2010), and here we show that the transient be-

havior is also modulated by the cloud response. The cloud

radiative response outside the deep tropics serves as a positive

feedback, thereby accelerating the equatorward propagation

of extratropical signal. By contrast, the cloud radiative effect in

the deep tropics serves as a negative feedback, offsetting the

tropical response. As a result, the locked cloud experiment

exhibits a slower propagation of extratropical signal into the

tropics and a more amplified ITCZ shift response compared to

the interactive cloud experiment. However, the negative CRE

in the tropics is model-dependent, as pointed out in Kang et al.

(2014). This suggests that uncertainties in cloud modeling can

create uncertainties in transient regional responses to climatic

perturbations. For example, large uncertainties in cloud radiative

effects may give rise to an uncertainty in how extratropical cli-

mate variability, such as the Atlantic multidecadal variability

(AMV) and the Pacific decadal oscillation (PDO), translates into

the tropics. This dependency on the cloud response suggests that

our results should be tested in other GCMs.

Recent studies point to an important role of dynamic ocean

in the quasi-equilibrium tropical response to extratropical ra-

diative forcing. Dynamic ocean adjustments associated with

Pacific subtropical cells and AMOC dampen the meridional

ITCZ shift response to extratropical thermal forcing (Green

andMarshall 2017; Yu and Pritchard 2019) and global response

to Arctic sea ice loss (Deser et al. 2015). A more complete

picture of extratropics-to-tropics teleconnection should be

explored in a full hierarchy of coupled atmosphere–ocean–

land models, but we believe the key propagation mechanism

will operate through the surface, as revealed by our aquaplanet

mixed layer ocean experiments.
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